freshwater transport from the Arctic (Delworth et al. 1997; Holland et al. 2001; Jungclaus et al. 2005) as well as seaice change in the Greenland-Iceland-Norwegian (GIN) seas (Zhang and Vallis 2006; Dima and Lohmann 2007; Drinkwater et al. 2014) . The roles of these processes have been studied extensively, however, what are the deterministic factors for the AMOC remain unanswered. Regardless of local or remote forcing, the key question is what processes dominate changes in buoyancy (particularly salinity) field in the NADW formation region. Since the ocean is driven by winds and surface buoyancy flux, the question can be alternatively described as follows: which forcing is more important for driving the AMOC and, which process plays the dominant role in the AMOC change under different forcings?
A change in local salinity can occur through meridional advection, local wind and buoyancy flux. Usually, the interplay between local and remote processes results in AMOC change. Different processes, however, may play different roles at different stages of AMOC change. For example, hosing fresh water into the North Atlantic can shut down the AMOC (Stocker and Wright 1991; Manabe and Stouffer 1999; Stouffer et al. 2007 ). The local freshwater hosing immediately reduces local surface salinity, weakening the convection and sinking rates of deep-water formation and resulting in the slowdown of the AMOC, which in turn reduces the saline water advection from the south and enhances AMOC change. The positive feedback between the AMOC and meridional advection, that is, the classical Stommel advection mechanism, causes the AMOC to shutdown in decades. Both local and remote processes play critical roles, but at different stages of AMOC change. Surface freshwater forcing is the triggering mechanism, and the advection mechanism plays a critical role during the later stage.
The effect of surface buoyancy flux on the AMOC has been investigated comprehensively (Delworth et al. 1997; Eden and Willebrand 2001; Holland et al. 2001; Häkkinen and Rhines 2004; Jungclaus et al. 2005; Böning et al. 2006; Mignot et al. 2007; Stouffer et al. 2007; Swingedouw et al. 2007 Swingedouw et al. , 2009 Huang et al. 2012 Huang et al. , 2014 . However, how the wind stress affects the AMOC is less studied (Timmermann and Goosse 2004) . The AMOC consists of wind-driven circulation (WDC) and thermohaline circulation (THC). These two components are tangled, and therefore hard to be separated. They can affect each other, and they both can be modulated by surface wind forcing (Weaver et al. 1993; Toggweiler and Samuels 1995; Schiller et al. 1997; Oka et al. 2001; Timmermann and Goosse 2004) . Wind can induce horizontal Ekman flow and vertical Ekman pumping (Oka et al. 2001) , thus affecting the WDC directly. Horizontal Ekman flow determines the saline water transport from the lower latitude (Timmermann and Goosse 2004) and is essential to maintain the THC. Ekman pumping can be an important factor in preconditioning oceanic convection (Killworth 1983; Schiller et al. 1997) , thus affecting deep-water formation.
This paper revisits the fundamental question, that is, how would the AMOC respond to changes in ocean surface wind and freshwater flux, with a focus on wind effects. A fully coupled climate model is used. Sensitivity experiments are performed to separate the contributions of WDC and THC to the AMOC. The detailed processes that affect the AMOC at different stages are examined. Similar to previous studies, the wind forcing is crucial to both the WDC and THC in our model. However, different from existing studies (Schiller et al. 1997; Timmermann and Goosse 2004) , our wind perturbation experiments emphasize the roles of vertical salinity diffusion and convection in triggering THC change, and suggest a positive feedback between THC strength and southward sea-ice expansion during the transient stage. When the wind forcing is reduced, vertical salinity diffusion and convection are weakened immediately in the mid-high latitudes of the Atlantic, resulting in an enhancement of vertical salinity stratification that restrains the deep-water formation there, triggering a slowdown of the THC. As the THC weakens, the sea ice expends southward and melts, supplying the upper ocean with fresh water that eventually shuts down the AMOC. It is found that in our wind perturbation experiments the WDC and THC have different preferential regions in terms of affecting salinity. The former affects the salinity in the subtropical and subpolar regions, while the latter affects the salinity mainly the GIN seas.
The main purpose of this paper is to explore wind effects on the THC. In an extreme situation with substantial wind forcing change over the ocean, the sea-ice feedback would emerge as an important factor to the THC change. This seaice positive feedback mechanism does not have to contradict the classical Stommel advection mechanism for the THC change (Swingedouw et al. 2007) . The latter plays a major role when perturbing the ocean with freshwater flux. In different models or in different sensitivity experiments using the same model, the dominant mechanism can be different. This paper is arranged as follows. Section 2 introduces the coupled model and experiments. Section 3 describes the dynamic and buoyancy changes in the North Atlantic. Section 4 examines the mechanisms for the transient and equilibrium responses of the AMOC to wind perturbation. Section 5 is the summary and discussion.
Model and experiments
The model used in this study is the Community Earth System Model (CESM, version 1.0) of the National Center for Atmospheric Research (NCAR). CESM is a fully coupled global climate model that can provide state-of-the-art computer simulations of the Earth's past, present and future climate states (http://www2.cesm.ucar.edu/). CESM1.0 consists of five components and one coupler: the Community Atmosphere Model (CAM5; Neale et al. 2013) , the Community Land Model (CLM4; Lawrence et al. 2012) , the Community Ice CodE (CICE4; Hunke and Lipscomb 2008) , the Parallel Ocean Program (POP2; Smith et al. 2010) , the Community Ice Sheet Model (Glimmer-CISM), and the CESM Coupler (CPL7). CESM1.0 has been widely used and validated by researchers in the community (http:// journals.ametsoc.org/page/CCSM4/CESM1).
The model grid employed in this study is T31_gx3v7. The atmospheric component CAM5 has 26 levels in the vertical, with the finite volume nominal 3.75° × 3.75° in the horizontal. The CAM5 is essentially a new version of the atmospheric model with improved, and more realistic, formulations of radiation, boundary layer and aerosols (Meehl et al. 2013; Neale et al. 2013) . The general features of the model formulation can be found in Neale (2010) and Neale et al. (2013) . CLM4 has the same horizontal resolution as CAM5. The ocean component of POP2 uses the grid gx3v7, which has 60 levels in the vertical. The ocean horizontal grid has a uniform 3.6° spacing in the zonal direction and a non-uniform spacing in the meridional direction, which is 0.6° near the equator, extends to the maximum of 3.4° poleward of 35°N/S and then decreases toward higher latitudes. The ocean model physics is described in detail in Danabasoglu et al. (2012) . The sea-ice component of CICE4 has the same horizontal grid as POP2. No flux adjustments are used in CESM1.0.
Experiments that were carried out and analyzed in this study include a 2000-year control run, two 400-year windperturbation runs and two 400-year water-hosing runs. The control run (CTRL) starts from the rest using the standard configurations (http://www.cesm.ucar.edu/experiments/ cesm1.0/). The model climate of CTRL as a whole reaches a quasi-equilibrium after 1000 years of integration ). In the wind-perturbation runs, the global surface wind stress forcing for the ocean model is artificially reduced to one-tenth (WIND0.1) and one-third (WIND0.3) of CTRL (Fig. 1a) , respectively. The wind forcing in the sea-ice model and atmosphere model does not change, but the wind field will change in response to sea surface temperature (SST) change, which mainly comes from changes in oceanic circulations. We keep the wind forcing over the sea ice in the wind-perturbation experiments to avoid too strong and too quick changes in sea-ice movement and melting. The wind-perturbation experiments start from year 1501 of CTRL, and reach their quasi-equilibrium states after 400 years of integration. In the water-hosing experiments, the 0.1 Sv (HOS0.1) (Fig. 1b ) and 1.0 Sv (HOS1.0) freshwater amounts are injected into the North Atlantic surface between 50 and 70°N for the whole integration (400 years), respectively. The monthly outputs are used for analysis. The climate changes in the wind-perturbation and water-hosing experiments are obtained by subtracting the corresponding fields from CTRL. Unless mentioned otherwise, the equilibrium change we refer to in this study is averaged over the last 200 years of each sensitivity experiment.
The model climatology from CTRL was carefully examined in . The global ocean meridional overturning circulation, including the wind-driven Subtropical Cells (STCs) in the upper 500 m and the THC, and the mean thermal structure are well simulated in CESM1.0 (figures not shown). The STC in the Pacific has an antisymmetric structure about the equator as a result of the symmetric surface wind forcing in the tropics. The AMOC has a maximum of 20 Sv, which is located at 40°N and near 1000-m depth. The Deacon Cell in the Southern Ocean has a maximum mass transport of about 20 Sv, which is mostly confined in the Antarctic Circumpolar Current region (Döös and Webb 1994) . The annual-mean thermal structure indicates reasonable simulation of the following feathers: equatorial thermocline strength, upwelling latitudes, subtropical shallow subduction region as well as the deep-water formation region in the North Atlantic high latitudes. The ocean barotropic streamfunction, the atmosphere Hadley Cells, the location of the intertropical convergence zone are also reasonably simulated. The model climatology of CESM1.0 has also been discussed in detail in many other documents (http://journals.ametsoc.org/page/CCSM4/CESM1).
Changes in the Atlantic

AMOC changes
Changes in both surface wind stress and freshwater flux can affect the AMOC significantly. Figure 2 shows the AMOC index in CTRL, and in the wind-perturbation and water-hosing runs. The AMOC index is defined as the maximum value of the streamfunction between 20-70°N and 300-2000 m in the Atlantic. In CTRL, the AMOC strength is around 18 Sv. It is weakened quickly when the surface wind is reduced, or fresh water is added in the North Atlantic. The equilibrium response of the AMOC is about 2-4 Sv in the four sensitivity runs, depending on the strength of the modified external forcing. Under strong external forcing (e.g., 1.0 Sv freshwater hosing), the AMOC can reach a quasi-equilibrium state in 50 years; under weak forcing (e.g., 0.1 Sv freshwater hosing), it will take more than 100 years for the AMOC to reach its quasi-equilibrium state. In the wind perturbation experiments, the AMOC responds with a sudden overshooting in the first few years (solid blue and green curves in Fig. 2b ). Previous studies suggested an opposite relationship between the changes in wind-driven STCs and THC (Hazeleger and Drijfhout 2006) . The STC is reduced instantly within months in the wind perturbation experiments (dashed curves in Fig. 2b ), while the THC remains unchanged. Therefore, the AMOC is strengthened slightly in the first few years in response to the reduced wind due to the immediate weakening of the STC.
The equilibrium change in the AMOC can be more clearly seen in Fig. 3 . The AMOC has a maximum value at about 1000 m between 30 and 40°N in CTRL. The winddriven STC is clear in the upper 200 m and located on both sides of the equator (Fig. 3a) . In HOS0.1, the THC is almost shut down while the STC is nearly unchanged (Fig. 3b) . The latter is also seen in Fig. 2a (dashed orange curve) . Therefore, the THC can be obtained by the difference between CTRL and HOS0.1. In WIND0.1, both the THC and STC are nearly shut down (Fig. 3c) . The WDC can thus be defined as the difference between HOS0.1 and WIND0.1. In general, the AMOC can be roughly split into the THC and the WDC, with the help of these two sensitivity experiments. This separation will help us quantify the roles of the WDC and THC in AMOC change.
The AMOC changes in HOS1.0 and WIND0.3 are also examined. Figure 2a shows that the STC change in HOS1.0 is significant (red dashed curve). Unlike HOS0.1 where only 0.1 Sv fresh water is added to the North Atlantic, 1.0 Sv freshwater hosing in HOS1.0 is strong enough to affect surface ocean temperature and thus surface winds (not shown), which in turn causes significant change in the WDC. Figure 2b shows similar changes in WIND0.1 and WIND0.3, but the remaining STC is stronger in WIND0.3 than in WIND0.1 (dashed green and blue curves, respectively). In this paper we will focus on HOS0.1 and WIND0.1 since the AMOC changes are similar in these two experiments (orange curve in Fig. 2a and blue curve in Fig. 2b ), and the THC and WDC can be better separated using these two runs. Figure 4 shows the mean horizontal ocean circulation averaged in the top 30 m in the Atlantic, of which the total circulation is split into the THC, the WDC and the residual circulation. The THC (Fig. 4a) is obtained from the difference between CTRL and HOS0.1, since the WDC in HOS0.1 can be thought as unchanged (Fig. 3b ). The WDC (Fig. 4b ) is obtained by subtracting the circulation in WIND0.1 from that in HOS0.1. Keep in mind that in WIND0.1, there is still very weak WDC since the wind forcing is not completely shut down. Figure 4b represents roughly 90 % of the WDC. The residual circulation ( Fig. 4c) is the circulation left in WIND0.1, representing the Goldsbrough (1933) circulation forced by the net surface freshwater flux (i.e., surface evaporation minus precipitation, EMP). The surface pattern of the THC exhibits the main features of the surface conveyor belt (Fig. 4a ). There is a systematic northward flow from the South Atlantic, which appears to connect with the flows from the southern Indian Ocean. Moreover, we see the strong Brazil Current in the North Atlantic, turning into two major branches near 20°N: one branch flows northward along the western boundary and then turns northeastward to the high latitudes; the other branch flows eastward and then northward along the eastern boundary. These two branches merge in the GIN seas. The WDC pattern is featured by the subtropical gyre, the subpolar gyre and the Antarctic Circumpolar Current (Fig. 4b) . We can see that the THC tends to reinforce the Gulf Stream transport whereas it slows down the subpolar gyre, similar to the finding of Timmermann and Goosse (2004) . The Goldsbrough circulation (Fig. 4c) is very weak in most regions except near the equator. North of the equator, the surface Goldsbrough flow is similar to the THC. South of the equator, it flows against both the THC and WDC. Clearly, on the O(1) approximation, as shown in Fig. 3 , the freshwater hosing in the North Atlantic can only affect the THC, while the change in surface wind stress can affect both THC and WDC. The decomposition of the upper-ocean circulation in Fig. 4 can help us quantify the contributions of different circulations to salinity and temperature fields.
Splitting horizontal ocean circulation
Salinity and temperature advections by THC and WDC
Many studies have shown that wind stress maintains the meridional salt advection, preventing the formation of the halocline in the high latitudes (Oka et al. 2001; Timmermann and Goosse 2004; Arzel et al. 2009 ). Salinity advection was thought as one of the key factors in maintaining the AMOC. In this study, the salinity (temperature) advections by THC and WDC are
is the velocity vector obtained in Fig. 4a (Fig. 4b ) and the salinity (temperature) gradient ∇S (∇T) is obtained from CTRL. The total salinity (temperature) advection is
. Our experiments show that the THC and WDC have opposite effects on the salinity and temperature fields in the North Atlantic (Fig. 5 ). In the high latitudes (50-70°N), the THC advection has significant freshening and cooling effects on the Labrador Sea and the region southeast to the Greenland, and has weak salinification and warming effects on the seas north and west of Iceland (Fig. 5a, d) . The WDC advection, on the contrary, has significant salinification and warming effects (Fig. 5b, e) , and eventually determines the salinity and temperature tendencies there (Fig. 5c, f) . In the mid-latitudes between 30 and 50°N, the WDC advection has strong freshening and cooling effects (Fig. 5b, e) , which can be slightly offset by weak salinification and warming effects by the THC advection (Fig. 5a, d ). In the tropics, both WDC and THC advections have the same effect on the surface salinity and temperature fields. Overall, for the upper-layer buoyancy field, the WDC advection dominates over the THC advection in the entire Atlantic (Fig. 5b, c, e, f) . 
This can be seen in Fig. 5b , c, e, f. In general, the perturbation advection mechanism is more important than the mean advection mechanism in WIND0.1, but none of them plays a major role in the North Atlantic surface freshening.
Buoyancy responses
The salinity, temperature and density changes in HOS0.1 and WIND0.1 are examined in Figs. 6 and 7. For HOS0.1, it is straightforward that the North Atlantic surface freshening (Figs. 6a, 7a) is mainly due to the freshwater hosing in the high latitudes (Fig. 1b) . The ceasing of the THC salinity advection from the tropics also contributes to the surface freshening in the mid-latitudes, as implied by Fig. 5a . The shutdown of THC results in a significant weakening of northward heat transport, causing a dipole change in the upper-ocean temperature (Figs. 6b, 7b) , with strong surface cooling in the Northern Hemisphere (NH) and weak warming in the Southern Hemisphere (SH). The vertical temperature structure in the North Atlantic shows a clear baroclinic response (Fig. 7b) . The patterns of density change (Figs. 6c, 7c ) are similar to those of salinity change, suggesting the dominant role of salinity in changing density. In fact, these changes in response to freshwater hosing in the North Atlantic have been well recognized (Manabe and Strouffer 1995; Stouffer et al. 2007; Chang et al. 2008 ). This study, instead, focuses on understanding the changes in the ocean in response to surface wind forcing.
The buoyancy change is much more significant in WIND0.1 than in HOS0.1 (Figs. 6d-f, 7d-f ). This is because both the THC and WDC are shut down in WIND0.1. The shutdown of the Atlantic WDC causes further deficit of salt and heat in the North Atlantic upper ocean. Moreover, the salinity and temperature in the South Atlantic upper ocean are also decreased significantly. The anti-symmetric change in HOS0.1 turns to the symmetric change in WIND0.1, because the WDC is roughly symmetric about the equator.
The WDC effect is only significant for the upper ocean, while the change in the lower ocean is mainly associated with the THC effect (Fig. 7) . We can see that the changes in (Fig. 7b, e) , consistent with previous studies (e.g., Chang et al. 2008) . Here, we can again see that the density change in WIND0.1 (Fig. 7f) is predominantly determined by salinity change (Fig. 7d) . This is particularly clear in the extratropics, where the temperature cooling should have resulted in density increase. Therefore, to reveal the mechanism of AMOC change in WIND0.1, we need to focus on the mechanism for salinity change.
Unlike the salinity change in HOS0.1 where the external freshwater flux plays a dominant role, the salinity change in WIND0.1 has to be related to ocean dynamics and sea-ice dynamics. Figure 5b shows that the WDC advection plays a crucial role in buoyancy balance in the North Atlantic. Without the WDC advection in WIND0.1, the salinity in the high latitudes (50-70°N) would decrease (Fig. 5b) . This is consistent with the freshening in the GIN seas and Labrador Sea (Fig. 6d) . However, in the region between 30-50°N the surface ocean freshening cannot be explained by the advection mechanism, because the weakening of WDC advection in WIND0.1 turns out to be a salinification factor to the surface ocean (Fig. 5b) . This is inconsistent with the actual freshening in WIND0.1 (Fig. 6d) . Furthermore, although the WDC weakening causes a warming tendency in the midlatitudes (Fig. 5e, f) , it does not contribute to the density decrease there, because strong cooling actually occurs in the North Atlantic (Fig. 6e) . Therefore, there must be other mechanisms responsible for the freshening and density decrease in the mid-latitudes in WIND0.1. As we will see next, sea-ice melting is found to play a critical role.
Mixed layer depth changes
The mean March mixed layer depth (MLD) is examined here (Fig. 8) . Sites of the deepest vertical mixing and convection can be found in the mean March MLD (Brady and Otto-Bliesner 2010) . The MLD is defined as the shallowest depth where the local, interpolated buoyancy gradient matches the maximum buoyancy gradient between the surface and any discrete depth within that water column (Large et al. 1997) . In CTRL, the main convection and vertical mixing sites are found south of Greenland, and in the GIN seas (Fig. 8a) . The MLD becomes shallower in both HOS0.1 and WIND0.1 (Fig. 8b, c) , in association with strengthened vertical buoyancy stratification (Fig. 7c,  f) . Without the THC, the MLD in the GIN seas is reduced by more than 500 m (Fig. 8d) . Without the WDC, the MLD is reduced by about 20-100 m in the mid-latitudes between 30 and 60°N (Fig. 8f) . The shallower MLD signals the weakening of convection, vertical mixing and diffusion, and thus the deep-water formation: it occurs in the (Fig. 8d) , and between 30 and 60°N in WIND0.1 (Fig. 8e) . The changes in MLD and surface salinity in WIND0.1 are remarkable in the region of 30-70°N. We can see that although the largest MLD change occurs mainly in the GIN seas (Fig. 8e) , the biggest density change occurs mainly in the lower latitudes between 40 and 60°N (Fig. 6f) in WIND0.1. Previous studies suggested similar situation (e.g., Brady and Otto-Bliesner 2010). We will see in the next section that the biggest sea-ice melting also occurs in the region between 40 and 60°N in WIND0.1. The changes in MLD shown in Fig. 8 is the result of sea-ice melting, weakened wind stirring and vertical mixing, among others. In the next section, we will focus on discussing changes in this region. Figure 9 shows the annual-mean fields of sea-ice formation, sea-ice velocity and sea-ice margin. Sea-ice formation is defined as the sum of ice formation (melting) in the ocean and the ice from the continent, which is then converted to virtual salt flux (psu/month) for easy comparison with the salinity advection shown in Fig. 5a -c. Sea-ice margin is defined as the 15 % sea-ice fraction in the Atlantic.
Mechanisms
For equilibrium responses
The freshening in the mid-latitude ocean surface in WIND0.1 is mainly due to sea-ice melting (Fig. 9d) . The reduction of ocean surface wind can result in significant (Fig. 9b) . The enhanced sea-ice melting in WIND0.1 is clear in the mid latitudes between 40 and 60°N (Fig. 9d) , whose pattern is in good agreement with that of salinity change (Fig. 6d) . In the high latitudes (north of 60°N), there is strong sea-ice formation in WIND0.1, which tends to increase surface salinity (Fig. 9d) . Sea-ice melting into the North Atlantic can lead to considerable change in deep-water formation. This has been reported in previous studies (Oppo and Lehman 1995; Vidal et al. 1997; Elliot et al. 2002 ; Left panels annual mean sea-ice formation (color; psu/month), sea-ice velocity (vector; cm/s) and sea-ice margin (red curve) defined by the 15 % sea-ice fraction in the Atlantic. a For CTRL; b for WIND0.1 and c for HOS0.1. Negative sea-ice formation means seaice melting, which has been converted to virtual salt flux by multiplying S 0 /(ρ 0 H), where S 0 (35) is the reference salinity, ρ 0 is the mean seawater density and H is the upper-layer thickness (30 m). Right panels their changes in d WIND0.1, e HOS0.1 and f the difference between WIND0.1 and HOS0.1, which represents the sea-ice changes due to d the lack of both thermohaline and wind-driven circulations, e the lack of the thermohaline circulation and f the lack of the winddriven circulation. The dashed (solid) red curve in d, e represents the sea-ice margin in CTRL (WIND0.1 and HOS0.1). The dashed (solid) curve in f represents the sea-ice margin in HOS0.1 (WIND0.1) McManus et al. 2004) . We can see that the sea-ice margin expands southward by near 20° latitudes from ~60°N in CTRL to ~40°N in WIND0.1, accompanied by enhanced southward sea-ice movement (Fig. 9b, d ), while the southward sea-ice movement between the Greenland and Iceland is greatly reduced. The sea-ice margin is always close to the main convection site. In CTRL, the main convection site is located in the GIN seas (Fig. 8a) and the sea-ice margin is mainly along 60°N (Fig. 9a) . In WIND0.1, the sea-ice margin moves to nearly 40°N (Fig. 9b, d) , so does the main convection site that moves southward to 30°N (Fig. 8c) . The sea-ice melting reduces the surface seawater density and thus the convection. So, the main convection site is not right on the edge of sea ice, but to the south of sea-ice edge. This is clearly shown in WIND0.1 and HOS0.1 (Figs. 8c  vs. 9b, d; Figs. 8b vs. 9c, e) . Here, we would like to emphasize that the change of convection site is the result of seaice melting, which would not feedback to sea-ice melting.
The sea-ice movement is driven by stress difference between ice-air interface and ice-water interface. According to Hunke and Lipscomb (2008) , the net stress is given as follows: . Therefore, in the GIN seas where the ice velocity has the same direction as the ocean current (Fig. 4b, Fig. 9a ), the sea-ice velocity is also weakened greatly in WIND0.1 (Fig. 9b) due to weakened stress from the ocean, showing a strong anomalous northward drift (Fig. 9d) . In the region between 40 and 60°N, the ocean current is eastward or northeastward (the North Atlantic Current and the Azores Current) in CTRL (Fig. 4a,  b) , the sea-ice movement is thus turned to southwestward in WIND0.1 (Fig. 9d) , resulting in significant expansion in sea-ice margin. It is worth noting that although the upper ocean in the mid and high latitudes becomes seriously colder (6 °C cooling generally), sea ice still has to melt as long as the ocean temperature is above the freezing point of seawater. The sea-ice melting rate is about 0.2-0.3 psu/ month in WIND0.1 (Fig. 9d) , in good agreement with the magnitude of salinity increase by WDC advection (Fig. 5b) .
In the mid-high latitudes between 40-60°N, sea-ice melting determines ocean surface freshening (Figs. 9d,  e, f) . We can see strong melting occurs only when both the THC and WDC are shut down (Fig. 9d) . The sea-ice
melting related to either WDC or THC shutdown is relatively weak (Fig. 9e, f) . It has been shown in Fig. 5b that the WDC advection change has salinification effect on the upper ocean between 40-60°N. Therefore, it is the sea-ice melting that plays a vital role in AMOC change in WIND0.1. Results in the next subsection further suggest a positive feedback between sea-ice melting and AMOC weakening. However, the triggering mechanism for AMOC change during the first few years cannot be attributed to sea-ice change.
Triggering mechanism and positive feedback during transient period
To examine the transient AMOC change in WIND0.1, six ensemble experiments are performed. Each run is integrated for 100 years, starting from six different times of CTRL. The wind stress forcing in the ensemble runs is the same as that in WIND0.1. Figure 10 shows the ensemble mean changes in the AMOC, MLD, salinity, temperature, and the terms in the salinity equation. All variables except the AMOC index are averaged within the box of 40-55°N, 30-60°W. All terms except the source term in the salinity equation are calculated online. The salinity equation with these terms is simply written as, where the terms on the right hand side of Eq. (2) are salinity advections, horizontal salinity diffusion, vertical salinity diffusion, and the source term, respectively. The source term Q S in Eq. (3) consists of virtual salt fluxes due to evaporation and precipitation (VSF EMP ), sea-ice formation (VSF ice ) and river runoff. Sea-ice formation in Eq. (4) includes sea-ice generation or melting in the high latitudes (Melt_F), the continental ice influx (Ioff_F) due to landmodel snow capping and the salt flux (Salt_F) due to the salinity gradient between ice and water. Usually, Ioff_F and Salt_F are 2 to 3 orders smaller than Melt_F, so VSF ice is practically determined by sea-ice formation or melting only. Figure 10 shows the differences of the terms between WIND0.1 and CTRL. The AMOC weakening in WIND0.1 during the first few years is caused by the weakening of vertical salinity diffusion and convection in the region of deep-water formation (solid grey curve in Fig. 10b ). At least in the first 20 years right after the sudden wind stress reduction, vertical salinity diffusion (including convection) is the dominant factor (2)
for the AMOC change. (Note that vertical diffusion also includes convection effect. The coupled model used in this study is incapable of resolving convection effect explicitly. Instead, it is parameterized as part of vertical diffusion.) In fact, vertical salinity diffusion (including convection) is the only factor in the first few years, which triggers the AMOC weakening. Thereafter, sea-ice melting starts to take effect (solid blue curve in Fig. 10b ). The effect of vertical diffusion on the AMOC diminishes with time, accompanied by enhanced sea-ice melting effect. The latter becomes dominant in 30 years. The weakened convection in WIND0.1 is also implied by MLD change, which is shoaled instantly by 20-30 m in the first year (grey curve in Fig. 10a) . The other factors, including horizontal salinity diffusion, horizontal and vertical salinity advections, and the net surface freshwater flux due to EMP, all have salinification effects on upper-ocean salinity, which help to enhance the AMOC in WIND0.1.
The change in salinity advection in the deep-water formation region tends to increase salinity (red solid curve in Fig. 10b , also see Fig. 5b ). (The total salinity advection change includes change due to perturbation circulation and change due to salinity anomaly, but the latter can be neglected.) This is counter-intuitive since we usually think saline water is transported from the lower latitudes, and once this saline water transport is shut down, the salinity in the high latitudes should be reduced. This occurs because the WDC advection dominates the salinity tendency between 30 and 60°N (Fig. 5b) , where the winddriven subpolar gyre tends to transport high-latitude fresher water southward along the western boundary. It is true that there is also saline water advection from the tropics, but it is carried by the THC (Fig. 5a ) and is much weaker than the WDC advection of fresher water. In general, lack of (a) (b) Fig. 10 Ensemble mean changes in WIND0.1 during the first 80 years. In a, the black curve is for the AMOC index; the green for potential density (kg/m 3 ); the orange for salinity (psu); the red for potential temperature (°C); and the grey for MLD (unit in 30 m). The right y-axis is for the AMOC index, and the left, for the other variables. In b, the terms contributing to salinity change are diagnosed (psu/month). The red curve is for three-dimensional advection; the blue for sea-ice melting; the cyan for virtual salt flux due to EMP; the purple for horizontal diffusion; and the grey for vertical diffusion. WDC advection increases the upper-ocean salinity in the deep-water formation region.
The surface freshwater flux due to EMP change also has salinification effect on ocean salinity (cyan curve in Fig. 10b ). Lower SST and weakened wind stress reduce atmospheric moisture content, the mid-high latitude convection and thus the precipitation, more seriously than they reduce surface evaporation (figure not shown). Actually, except for the deep tropics, the global precipitation is diminished significantly in association with lower global temperature. This is particularly clear over the colder extratropics (not shown), where atmospheric ascending movement and moisture supply from the ocean and lower latitudes are weakened substantially, accompanied by the weakened poleward ocean heat transport and atmospheric moisture transport (Yang and Dai 2014) .
The transient change of vertical salinity diffusion in the deep-water formation region in WIND0.1 is further examined using Fig. 11 . Previous studies (e.g., Oka et al. 2001) suggested that vertical diffusion in the high latitudes has a stabilizing effect on the THC. Weaker vertical diffusion helps to re-establish the halocline in the upper ocean, hindering the vertical exchange of salt flux and thus destabilizing the THC. Reducing the surface wind forcing can immediately weaken the convection and vertical stirring of the ocean as well as the Ekman pumping in the subpolar gyre, enhancing vertical salinity stratification. This process is clearly shown in Fig. 11 . With the weakened (negative) vertical diffusion (Fig. 11c) , upper-ocean salinity gradient is enhanced (Fig. 11b) , triggering freshening at the ocean surface, which penetrates downward rapidly with time (Fig. 11a) .
The sea-ice change takes effect about 10 years after the wind shutdown. The positive feedback between surface salinity change and THC strength appears to be bridged by sea-ice dynamics in WIND0.1, instead of by northward salinity advection from the tropics. Figure 12 shows the temporal evolution of anomalous sea ice in WIND0.1. Different colors show sea-ice melting (formation) and margin at different stages. Sea-ice melting (formation) is enhanced with time towards lower (higher) latitudes, following seaice expansion closely. Initially, the anomalous sea-ice melting occurs mainly in the Labrador Sea (bright blue shading in Fig. 12) , and then expands southward towards the region of Gulf Stream extension. Sea-ice margin roughly reaches equilibrium 60 years after the wind shutdown (light green curve in Fig. 12 ). By then, the AMOC in WIND0.1 is reduced by about 80 %.
The triggering mechanism and positive feedback described above are illustrated schematically in Fig. 13 . When surface wind stress is reduced, the WDC is weakened immediately, resulting in a slight overshooting of the AMOC. At the same time, due to the weakening of vertical salinity diffusion (and convection), upper-ocean salinity stratification is enhanced, hindering deep-water formation and triggering the weakening of the THC. Sea ice starts to expand southward and then melts, supplying fresh water to the surface ocean in the main deep-water formation region, which in turn reduces the THC further. The sea ice responds with more southward expansion and melting. This positive feedback will finally result in a completely shutdown of the AMOC.
Summary and discussion
The AMOC consists of the WDC and the THC. Using a fully coupled climate model, we quantified individual contributions of WDC and THC to the upper-ocean buoyancy through sensitivity experiments (Fig. 5) . The WDC advection has freshening and cooling effects on the subtropical upper ocean, and salinification and warming effects on the subpolar upper ocean (Fig. 5b, e) . On the contrary, the THC advection has freshening and cooling effects on the subpolar ocean and weak salinification and warming effects on the subtropical ocean. Our model sensitivity experiments show that the WDC advection appears to be more important than the THC advection in determining upper-ocean buoyancy in the Atlantic (Fig. 5) .
Here, we would like to discuss the justification of splitting AMOC in this study. In theory, the THC and WDC are strongly related and cannot be separated (Lozier 2010) ; however, in practice, they can be roughly separated in Fig. 12 Temporal evolutions of changes in sea-ice formation (color shading; psu/month) and sea-ice margin (color curves) during the first 60 years in WIND0.1. Mean sea-ice velocity difference between WIND0.1 and CTRL is superimposed. Same as Fig. 9 , negative seaice formation means sea-ice melting. Different colors represent seaice formation and margin in different years. The dashed (solid) red curve represents equilibrium sea-ice margin in CTRL (WIND0.1). The color shadings represent sea-ice melting (formation) by more than −0.1 (+0.1) psu/month in corresponding years numerical models, as done in Timmermann and Goosse (2004) and the references therein. In fact, oceanographers used to split WDC and THC based on a more classical approach: the WDC is usually obtained as the zonal anomaly circulation and the THC is obtained from the zonal mean (e.g., Bryden and Imawaki 2001; Marti et al. 2010) . This classical decomposition is simple and can provide a framework for describing responses of the ocean to different surface forcing factors. We have compared THC and WDC obtained from these two approaches. The WDC obtained from the classical approach (figure not shown) is similar to that from the sensitivity experiments (Fig. 4b) in terms of spatial pattern and magnitude. However, the horizontal pattern of the THC cannot be well identified based on the classical approach. The THC from the sensitivity experiments (Fig. 4a) shows more reasonable structure and is also similar to those in previous studies (e.g., Timmermann and Goosse 2004). This splitting is critical for this work to calculate horizontal advection terms of salinity and temperature by the THC. We suspect that it may even be a better way to decompose the Atlantic circulation through properly designed sensitivity experiments. Of course, the classical approach may be the only approach when dealing with observations.
With the help of sensitivity experiments, the effect of wind forcing on the AMOC was analyzed in detail. Similar to previous studies, the wind stress forcing was found to be crucial to the AMOC. Different from some studies (Schiller et al. 1997; Timmermann and Goosse 2004) , we emphasize that the wind effect on the AMOC is accomplished via vertical diffusion, convection and sea-ice feedback. The vertical salinity diffusion (and convection) is responsible for triggering THC change in response to the sudden surface wind change. During the transient period of ocean change, a positive feedback between sea ice and THC strength is emerged as the dominant mechanism for the AMOC change. These processes are summarized in Fig. 13 .
We wish to note that the sea-ice feedback mechanism proposed here does not contradict the classical Stommel advection feedback mechanism for the AMOC change. In different experiments, the major mechanism can be different. In our freshwater-hosing experiments, the THC changes while the WDC does not change. Therefore, the THC advection change dominates the salinity change in the region of NADW formation, and the Stommel advection positive feedback works very well, consistent with previous studies using different models (e.g., Swingedouw et al. 2007 ). In our wind-perturbation experiments, both the THC and the WDC change significantly. The effect of WDC advection on salinity is found to be opposite to and dominant over the effect of THC advection. The weakening of WDC advection is not the reason of the surface freshening. The sea-ice melting is found to be responsible here, and the sea-ice positive feedback results in a complete shutdown of the AMOC in the wind-perturbation experiments.
Wind forcing can also affect the AMOC indirectly by altering upwelling in the Southern Ocean. On the timescale discussed in this paper, this indirect effect cannot be identified. We believe that it is the local wind in the North Atlantic matters the most for the AMOC change on short timescales, since the northward salinity advection is not the main reason for the AMOC change in this study. Local wind affects local convection and diffusion, triggering AMOC change and then causing the chain reaction in ocean circulation and sea ice. Actually, we performed a series of local wind-perturbation experiments, in which only the wind forcing over the North Atlantic, the Pacific or the Southern Ocean was reduced by 90 %, respectively. The results from the Atlantic wind-perturbation experiment were similar to the global wind-perturbation experiment reported in this paper. Due to limited space, detailed analyses of these experiments will be presented in another paper.
The results from the extreme wind-perturbation experiments may not be comparable to any observed features. The role of sea ice in the AMOC change is surely exaggerated in this study. However, a better understanding of detailed seaice process can be fulfilled by assuming these unrealistic scenarios. For example, a meaningful question for the real world can be as follows: How does the low-frequency variability in wind stress affect the AMOC (directly or indirectly) via affecting sea ice? The AMOC change is determined by many processes, and which mechanism dominates may largely depend on timescale of the variability. Our results presented here suggest that the sea-ice feedback may emerge as an important factor in AMOC variability on decadal and longer timescales. We are currently working on a long, realistic control simulation using the high-resolution version of CESM1.0, to investigate the natural variability of see ice and AMOC.
The conclusions drawn in this study may be modeldependent and are subject to model limitations. For example, our model results show a relatively weak convection in the Labrador Sea, when compared to the convection in the GIN seas and observations. The cause may be related to model ocean's horizontal resolution. The ocean model used in this paper cannot fully resolve the convection in the Labrador Sea. We have examined the mean MLD in a high-resolution CESM control run. Strong convection occurs in both the Labrador Sea and GIN seas (figure not shown), consistent with observations and other model studies (Yeager and Danabasoglu 2014) . Studies using different models will help to determine the robustness of this work.
